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Introduction
Mineralogical variation in the Earth's upper mantle and the potential existence of enriched (pyroxenitic or eclogitic, pyroxenedominated) and depleted (peridotitic, olivine-dominated) components has been the subject of debate for several decades (Allègre and Turcotte, 1986; Hauri, 1996; Hofmann and White, 1982; Workman et al., 2004) . Numerous studies on erupted melts have used major and trace elements and short-or long-lived radiogenic nuclides to constrain mantle compositional and/or mineralogical variability Hauri, 1996; Humayun et al., 2004; Jackson and Dasgupta, 2008; Prytulak and Elliott, 2007; Sigmarsson et al., 1998; Sobolev et al., 2005; Stracke et al., 1999; Vlastelic et al., 1999) . However, while pyroxenitic or eclogitic components are often invoked to account for the enriched isotopic signatures of oceanic basalts (Allègre and Turcotte, 1986; Hauri et al., 1996; Hirschmann and Stolper, 1996; Lassiter and Hauri, 1998; Lundstrom et al., 1999; Niu et al., 1999; Prinzhofer et al., 1989; Zindler et al., 1979; Zindler et al., 1984) , their roles in generating mantle chemical heterogeneity remain controversial, as few independent tracers of source mineralogy exist, such that resolving compositional (trace element or radiogenic isotope) enrichment from mineralogical enrichment is challenging. For example, radiogenic isotope systems such as Sr, Nd, Hf and Pb can fingerprint crustally-derived components, but cannot distinguish whether these components remain present as distinct lithological units (e.g. as pyroxenite or eclogite), or whether they are completely homogenized into the mantle by means of convective stirring (Gurenko et al., 2009; Jackson and Dasgupta, 2008) such that only their geochemical signals remain.
Pyroxenite source components can be generated from both crustal and mantle-sourced protoliths. 'Crustal' pyroxenite components may be directly derived from recycled oceanic crust as eclogite (Pertermann and Hirschmann, 2003) or may form by i) partial melting of subducted eclogite and the reaction of these melts with mantle peridotite to form garnet pyroxenite (Hauri, 1996; Huang and Frey, 2005; Sobolev et al., 2005) ; this scenario has been invoked to explain the high SiO 2 and Ni contents and high Fe/Mn ratios of some Hawaiian basalts (Sobolev et al., 2007; Sobolev et al., 2005) , or ii) the extraction of silica-rich fluids or melts from oceanic crust during subduction (Kogiso et al., 2003) . In contrast, 'mantle' pyroxenite components are considered to form as high-pressure cumulates of low-degree mantle melts that infiltrate and crystallize near the base of the oceanic mantle lithosphere (Niu and O'Hara, 2003; Pilet et al., 2008) or through interaction and melt-rock reaction between magmas and surrounding peridotite wall-rock (Downes, 2007) . For clarity, we use the term "pyroxenite" to refer to source mineralogy (olivine-free, pyroxene and garnet-bearing) rather than source origin unless this is referred to specifically.
Depleted peridotitic components have also been invoked within the source regions of OIB and MORB. Several studies have suggested that the Hawaiian plume mantle source contains longterm depleted and compositionally variable peridotitic components (Bizimis et al., 2013 Pietruszka and Garcia, 1999; Ren et al., 2006; Stracke et al., 1999) and depleted components have also been invoked in the source of Reunion OIB (Vlastelic et al., 2006) and MORB. Evidence for the latter is provided by correlated Hf-Nd isotopes in MORB (Salters et al., 2011) and the radiogenic Hf isotope compositions of Gakkel Ridge abyssal peridotites , while mantle peridotites found at mid-oceanic spreading centers and as xenoliths in OIB provide some of the strongest evidence for the presence of ancient depleted peridotites in the convecting mantle (Bizimis et al., 2007; Burton et al., 2012; Liu et al., 2008; Stracke et al., 2011) . However, identifying the presence of depleted components in mantle source regions is not without difficulty. A major challenge is the low incompatible element concentrations of refractory mantle peridotites, which means that they have little influence on the incompatible trace element and radiogenic isotope budget of erupted melts (Burton et al., 2012) . Another challenge relates to the ease with which the incompatible trace element and radiogenic isotope signature of mantle rocks can be overprinted by metasomatic processes with little or no change in mineralogy (Niu and O'Hara, 2003) .
New tracers of both depleted and enriched mantle mineralogical components are thus required to compliment the extensive and rapidly growing evidence for mantle heterogeneity based on trace elements and radiogenic isotopes. Given the major advances that have been made in "heavy" (high atomic weight) metal stable isotope analyses over the last ten years, it is now timely to explore the use of these stable isotope systems as tracers of mantle heterogeneity. In this study, we explore the use of Fe stable isotopes as a tracer of mantle source mineralogy using peridotite and pyroxenite xenoliths from Hawaii as a case study.
Iron isotopes as a tracer of mantle mineralogical variations
Iron is a major cation in the Earth's mantle, with a bulk partition coefficient close to 1 (Herzberg, 2004; Keshav et al., 2004; Kogiso and Hirschmann, 2006; Pearce and Parkinson, 1993; Pertermann and Hirschmann, 2003; Sobolev et al., 2005; Weyer and Ionov, 2007) . Consequently, Fe concentrations vary little with degree of melting (at constant pressure) in primary MORB melts (Klein and Langmuir, 1987) and peridotites (Ionov and Hofmann, 2007) , at least for degrees of melting appropriate for present day MORB and OIB (generally <15-20%). Theoretical (Polyakov and Mineev, 2000) and empirical observations from equilibrated peridotites and pyroxenites (Weyer and Ionov, 2007; Williams et al., 2005) will be concentrated in both low-and high-Ca pyroxenes relative to olivine (by ca. 0.15 to 0.20h; Weyer and Ionov, 2007; Williams et al., 2005) due to differences in bonding environment. As melting preferentially consumes pyroxene over olivine, peridotitic residues, melts and cumulates derived from melts of peridotitic and pyroxenitic source regions should inherit distinct Fe isotope signatures reflecting both the degree of melt extraction and the nature of the source mineralogy. Furthermore, as the Fe contents of melts derived from peridotitic and pyroxenitic mineralogies (e.g., Sobolev et al., 2005 their Table 1 ) are approximately similar, neither lithology should disproportionately contribute to the Fe budget of erupted melts and the Fe isotope compositions of primitive lavas should therefore primarily reflect the mineralogies of their respective source regions. While mineral-specific Fe-isotope partitioning effects have been recognized in a number of earlier studies (Beard and Johnson, 2004; Teng et al., 2008; Weyer et al., 2005; Weyer and Ionov, 2007; Williams et al., 2004 Williams et al., , 2009 Williams et al., , 2005 ) the effects of variable source mineralogy have not yet been extensively explored in either models attempting to simulate Fe isotope fractionation during partial melting or in calculations of the Fe isotope composition of the Earth's mantle. Existing estimates of the Fe isotope composition of the Earth's mantle or the bulk silicate Earth (BSE) are constrained by sampling to the upper mantle and are generally based on suites of comparatively primitive basalts or their melting residues. In an early study (Weyer et al., 2005) (Poitrasson et al., 2004; Schoenberg and von Blanckenburg, 2006; Weyer et al., 2005) . Weyer et al. (2005) 
Models of Fe isotope fractionation during partial melting
Although there are, to our knowledge, no experimental studies of Fe isotope fractionation between silicate melts and minerals, it is widely observed that the products of partial melting (e.g. MORB and OIB) are displaced to higher δ 57 Fe values (typically by 0.1-0.2h) than unmetasomatized mantle peridotites (Dauphas et al., 2009; Weyer and Ionov, 2007; Williams et al., 2004 Williams et al., , 2005 . This effect could relate to the more incompatible nature of Fe 3+ during melting (Dauphas et al., 2009; Williams et al., 2004) , and/or to the non-modal nature of partial melting, where (isotopically heavier) pyroxene contributes disproportionately to the melting assemblage. The effects of non-modal melting can be explored with partial melting models where observed differences in δ 57 Fe between equilibrated olivine and clinopyroxene in mantle peridotites and clinopyroxene and olivine in mantle eclogites (Weyer and Ionov, 2007; Williams et al., 2009 Williams et al., , 2005 are used to approximate relative differences in mineral-melt Fe isotope partitioning. These differences reflect subsolidus mineral equilibration at temperatures ranging from ca. 900 to 1200 • C (Weyer and Ionov, 2007; Williams et al., 2009 Williams et al., , 2005 rather than mantle potential temperatures and it may be expected that they will decrease with increasing temperature (as 1/T 2 ). In the models discussed below, we have not applied a temperature correction due to the absence of experimental data describing the temperature dependence of inter-mineral Fe isotope fractionation and because no correlations between mineral fractionation factors and apparent equilibration temperature have been observed in the existing studies.
We use an incremental batch non-modal melting model (see Appendix A for details) where the modal mineralogy of the residue is recalculated at each melting increment. At each melting step the Fe-isotope fractionation between melt and residue is dictated by the melt and residue fractionation factor, α: (Weyer and Ionov, 2007; Williams et al., 2009 Williams et al., , 2005 . At each melting increment, the modal abundance of each phase (n, Eq. (2) 
where F = the degree of partial melting, and p describes the relative proportion of a given mineral in the melting reaction. Melting reactions for the lherzolite lithologies were taken from Robinson et al. (1998) . Clinopyroxene is exhausted at 25% melting after which harzburgite melting modes (given in the Appendix A and based on the study of Parman and Grove, 2004 ) are used to take into account this change in lithology. The Fe content of the bulk residue is then calculated as the weighted sum of the residual mineral modal abundances (normalized to 100%) and their Fe contents. The fractionation factor between the melt and bulk residue, α melt-residue is calculated at each melting increment using the Fe content of the bulk residue and the value assigned to α melt-cpx , where n = normalized mineral modal abundance:
The isotopic compositions of the instantaneous melt and residue at each step can then be calculated using α melt-residue and Eq. (1).
The value of R melt calculated at the first melting increment uses the initial isotopic composition assumed for the source (0.36259 or 0.04h relative to IRMM-14). The value of R residue at this and subsequent melting increments is calculated by mass balance between the original source and value of R melt calculated for the extracted melt. The concentration and isotope composition of the aggregate melt for any given melt fraction is calculated by the sum of the weighted melt increments. The model assumes that each melt increment is completely extracted and each subsequent melting step uses the concentration, modal abundances and Fe-isotope composition of the previous residue. The model is checked so that mass balance is satisfied, i.e. the combined sum of the concentration and isotope composition of the residue and cumulate melt equates to that of the original source.
This model approach ensures that at each step each mineral remains in isotope equilibrium with the melt and the other minerals in the residue. Note that α melt-residue is not simply a weighted average of α melt-min values; rather it is dictated by the equilibrium with the mineral assemblage, and buffered by the presence of each mineral. Although this calculation does not implicitly model the greater incompatibility of Fe 3+ during partial melting relative to Fe 2+ (Woodland and Koch, 2003) or the preferential concentration of isotopically heavy Fe into Fe 3+ -bonding environments (Polyakov et al., 2007; Polyakov and Mineev, 2000) , these effects are allowed for via the dominance of clinopyroxene in the melting assemblage relative to olivine. The models therefore demonstrate that non-modal partial melting scenarios, where the melting phases is dominated by clinopyroxene, can readily explain the observed offset in δ 57 Fe between mean MORB or OIB and mantle peridotites without requirement for additional mineral-melt fractionation. Critically, the models also predict that there will be minimal variation in the δ 57 Fe values of erupted melts and residues across a wide range in melting degree. Models of Fe isotope fractionation during partial melting have been presented in other studies (Weyer and Ionov, 2007; Williams et al., 2009 Williams et al., , 2005 , most recently by Dauphas et al. (2009) source . Both these models and our models can account for the observed difference in MORB and OIB from mantle peridotites. The slight difference between our models and those of Dauphas et al. (2009) may stem from the fact we have not incorporated an additional α term to allow for the more incompatible behavior of Fe 3+ , although, as emphasized above, our models do take the behavior of Fe 3+ into account indirectly, though the greater contribution of clinopyroxene to the melting assemblage.
The Fe isotope composition of the primitive mantle
As discussed above, MORB and OIB have heavy δ 57 Fe (Beard et al., 2003; Dauphas et al., 2009; Teng et al., 2008 Teng et al., , 2013 Weyer et al., 2005) relative to mantle peridotites (Craddock et al., 2013; Weyer et al., 2005; Williams et al., 2005) and chondrites (Dauphas et al., 2009) . While this difference is qualitatively consistent with melting models, the overall range in δ 57 Fe displayed by MORB and OIB ( Fig. 2) is over 0.2h and 0.4h, respectively, for a restricted range of MgO contents (see Figure caption for details), and is substantially greater than that predicted in our melting models and those of Dauphas et al. (2009) and is much larger than can be explained by analytical uncertainty or processes such as fractional crystallization (Schuessler et al., 2009 ), olivine accumulation (Teng et al., 2008) and fluid exsolution (Heimann et al., 2008) . A similar discrepancy also exists for melting residues as the δ 57 Fe variation displayed by fresh abyssal peridotites (Craddock et al., 2013) , commonly thought to represent the residues of MORB-melt extraction, is 0.24h, far greater than that predicted by any model. One explanation for this observed variability in melt and residue δ 57 Fe is derivation of these samples from a δ 57 Fe-heterogeneous mantle, as previously suggested for Ko'olau OIB (Teng et al., 2013) . In order to evaluate the potential for mantle Fe-isotope heterogeneity, the underlying causes of that heterogeneity and the suitability of Fe isotopes as a tracer of mantle mineralogy the following questions need to be addressed: i) the extent of Feisotope variation that exists between different mantle lithologies; ii) the nature of the processes generating Fe isotope variations between and within different mantle lithologies and iii) the extent to which mantle region source Fe-isotope heterogeneity can explain the variations in δ 57 Fe observed in oceanic basalts.
To address these questions we have determined the Fe isotope compositions of silicate minerals (Table 1 ) from well-characterized peridotite and pyroxenite xenoliths from Oahu, Hawaii. The peridotites are considered to be fragments of 90-100 Ma Pacific oceanic lithosphere or even ancient recycled mantle material within the Hawaiian mantle plume (Bizimis et al., 2007 (Bizimis et al., , 2004 . The garnet pyroxenites are considered to be high-pressure cumulates from OIB-like melts that formed close to the lithosphereasthenosphere boundary (60-90 km) (Bizimis et al., 2013 Sen et al., 2005 Sen et al., , 2011 , while some samples with majorite pseudomorphs (Keshav and Sen, 2001 ) and nanodiamonds (Wirth and Rocholl, 2003) potentially originated at depths >150 km. In this study, we use peridotite Fe isotope compositions to infer the Feisotope systematics of the peridotitic upper mantle and pyroxenites to explore the Fe-isotope systematics of mineralogically enriched (Schuessler et al., 2009) were not plotted as i) they sample both MORB-source and enriched mantle source regions ascribed to the Icelandic plume, which could make identifying differences in Fe-isotope systematics of MORB and OIB more difficult ii) they are comparatively fractionated, as detailed by (Schuessler et al., 2009 ). Samples <5.5 wt% and >14 wt% MgO were excluded to avoid magmatic fractionation (Schuessler et al., 2009 ) and olivine accumulation effects (Teng et al., 2008) respectively. lithologies in the mantle, and we evaluate these results in the context of published Fe isotope data for MORB and OIB.
Materials and methods

Samples
The samples studied here are mantle xenoliths from the Salt Lake Crater (SLC) Pali and Kaau vents that belong to the Honolulu Volcanics series in Oahu, Hawaii, which are part of the rejuvenated or post-erosional stage of the Hawaiian volcanism (Clague and Frey, 1982; Ozawa et al., 2005; Sen et al., 2005) . A location map is provided in Appendix A. In this study we focus on previously studied, well-characterized spinel lherzolite and garnet pyroxenite xenoliths (Bizimis et al., 2013 (Bizimis et al., , 2004 Sen et al., 2011) as well as some newly reported samples. The samples are from the Dale Jackson and Dean Presnall collections at the Smithsonian Institution. The peridotites are all spinel lherzolites with ∼5-12 modal % clinopyroxene, and are fresh, free of serpentinization and visible melt infiltration (e.g. veins). The bulk rock Mg# (reconstructed from mineral abundance and compositions) vary from 0.89 to 0.90, ranging from fertile (McDonough and Sun, 1995) or Depleted Mantle (Salters and Stracke, 2004) compositions to more Mg-rich, and therefore more depleted values. The degree of melting experienced by the peridotites, as calculated from spinel Cr# (Hellebrand et al., 2001 ), ranges from ∼1-12% (Table 1) . Clinopyroxene and spinel Cr# and clinopyroxene HREE contents are all highly correlated (Bizimis et al., 2007) , consistent with major and trace element equilibration between the primary mineral phases. All the clinopyroxenes from the samples reported here exhibit different degrees of light rare earth element (LREE) enrichment, with concave down to concave up chondrite-normalized REE patterns, consistent with variable refertilization by incompatible element enriched melts (Bizimis et al., 2007 (Bizimis et al., , 2004 . Based on their combined major, trace element and Sr-Nd-Hf-Os isotope systematics, the Pali and Kaau peridotites are generally thought to represent comparatively unmodified parts of the Pacific lithosphere beneath Oahu (Bizimis et al., 2007 (Bizimis et al., , 2004 Sen et al., 1993) . In contrast, the SLC peridotites have experienced, on average, a greater extent of melt depletion (e.g. higher pyroxene Mg# and Cr#), and re-enrichment (higher Na and LREE) relative to the Pali and Kaau peridotites. They have highly radiogenic Hf isotope (Bizimis et al., 2007 (Bizimis et al., , 2004 Salters and Zindler, 1995) and unradiogenic Os isotope compositions, with Redepletion ages up to 2 Ga (Bizimis et al., 2007) , which have been explained by a scenario in which these peridotites represent fragments of ancient (>1 Ga old) recycled lithosphere entrained as part of the upwelling Hawaiian plume.
The pyroxenites are classified as garnet-clinopyroxenites with 10-30 volume % garnet, >50% clinopyroxene (augite) and subordinate amounts of olivine, orthopyroxene, spinel and traces of Bizimis et al. (2004 Bizimis et al. ( , 2005 and new data generated as in those studies. Equilibration temperatures are taken from Bizimis et al. (2004 Bizimis et al. ( , 2005 and peridotite and garnet pyroxenite pressures are assumed to be 18 and 25 kbar, respectively. Temperature data for samples 77SL-402, 77SL-594 and NMNH-114954-20A are calculated as in the previous studies. Hafnium isotope compositions are from Bizimis et al. (2004 Bizimis et al. ( , 2005 phlogopite. Based on major and trace element modeling and their Sr, Nd, Hf, Pb, and Os isotope compositions they have been largely interpreted as high pressure (>2 GPa, >60 km) cumulates near the base of the Pacific lithosphere from melts similar to the Hawaiian alkali rejuvenated lavas (Bizimis et al., 2013 Keshav et al., 2007; Sen et al., 2010) . Some samples display ilmenite exsolutions within garnet (including samples NMNH-114959-20A and 77SL-582 analyzed here), majorite pseudomorphs and nanodiamonds and probably initially crystallized at >5 GPa (>150 km) (Keshav and Sen, 2001; Keshav et al., 2007) , deeper than the 80-90 km seismically defined base of the lithosphere beneath Oahu (Li et al., 2004) . The radiogenic Hf and Nd isotopic compositions of the pyroxenites analyzed thus far (Bizimis et al., 2013 , including the high pressure pyroxenite NMNH-114959-20A, place them at the depleted end of the OIB array, suggesting an origin from a depleted mantle source, distinct from the isotopically enriched "eclogitic" component inferred for the Hawaiian plume (Hauri, 1996; Huang and Frey, 2005) .
Iron isotope analyses
Iron isotope analyses were carried out on hand-picked mineral grains, where individual sample aliquots consisted of 40-60 mineral grains between 120-200 μm in size. The samples were picked under ethanol using a binocular microscope avoiding crystals with obvious cracks, external alteration and mineral or fluid inclusions and were subsequently cleaned in ultrapure Millipore ® 18.2 water. Dissolution, iron purification and isotopic analyses were undertaken at Durham University using established procedures (Hibbert et al., 2012; Williams et al., 2012) . Isotopic analyses were carried out on a multiple-collector inductively coupled plasma mass spectrometer (MC-ICPMS; Thermo Neptune) . Sample solutions consisted of 0.9 to 1.5 ppm Fe (different concentrations were chosen on different days according to instrument sensitivity) in 0.1M HNO 3 , and instrumental mass bias was corrected for by sample-standard bracketing where the sample and standard Fe beam intensities (typically 35-40 V 56 Fe for a standard 10 11 resistor) were matched to 5%. Mass dependence, long-term reproducibility and accuracy were evaluated by analysis of an in-house FeCl salt standard (δ 57 Fe = −1.06 ± 0.07h; δ 56 Fe = −0.71 ±0.06h 2 S.D., n = 35) previously analyzed in other studies (Hibbert et al., 2012; Williams et al., 2012) . The international rock standards BIR-1 (Icelandic basalt) and Nod-PI (Pacific ferromanganese nodule) were also analyzed over the course of this study (Table A. 2). The mean Fe isotope compositions of these standards are: BIR-1, δ 57 Fe = 0.082 ± 0.01h; δ 56 Fe = 0.062 ± 0.01h (2 S.D., n = 6), Nod-P1 δ 57 Fe = −0.837 ± 0.02h; δ 56 Fe = −0.569 ± 0.03h (2 S.D., n = 7). The data for BIR-1 are in excellent agreement with earlier studies (Hibbert et al., 2012; Millet et al., 2012; Weyer et al., 2005) and the results for Nod-PI fall within the median of literature values which range from δ 56 Fe = −0.67 to δ 56 Fe = −0.49h (Asael et al., 2013; Gagnevin et al., 2012) . Iron yields were quantitative and chemistry blanks were <0.5 ng Fe, negligible compared to the quantities of sample Fe (>300 μg) processed.
Hafnium isotope analyses
New hafnium isotope data on clinopyroxene from samples 77SL-402 and 77SL-594 were obtained at the Center for Elemental Mass Spectrometry, University of South Carolina, on a Thermo Neptune MC-ICPMS using established chemical procedures (Bizimis et al., 2007 (Bizimis et al., , 2013 
Results
Bulk peridotite δ
57 Fe values (Table 1 and Fig. 3 ) were calculated from mineral separate data, mineral modal abundances and Fe concentrations (Table 1) and range from −0.34 ± 0.11h to 0.14 ± 0.08h; bulk pyroxenite δ 57 Fe varies from 0.10 ± 0.05h to 0.27 ± 0.05h (all errors are 2 S.D., propagated using sum-ofsquares and the 2 S.D. errors in Table 1 ). These differences are also evident at the mineral scale as peridotite clinopyroxene δ 57 Fe values range from −0.21 ± 0.07h to 0.16 ± 0.03h, whereas pyroxenite clinopyroxenes have heavier δ 57 Fe values of 0.14 ± 0.02h to 0.33 ± 0.03h. Apparent inter-mineral fractionation factors are also presented in Table 1 and Fig. 4 . In the peridotites, clinopyroxene is either isotopically heavier, or within error identical to coexisting olivine. A similar pattern is observed for clinopyroxeneorthopyroxene pairs with the exception of sample 77SL-341, where orthopyroxene displays a heavier δ 57 Fe value relative to clinopyroxene. In the pyroxenites, clinopyroxenes display δ 57 Fe values that are heavier or, in one case (sample 77SL-594) within error of coexisting garnet. While the overall tendency of clinopyroxene to display heavy δ 57 Fe values with respect to olivine, orthopyroxene and garnet is consistent with theory and studies of natural peridotites, pyroxenites and eclogites (Beard and Johnson, 2004; Weyer and Ionov, 2007; Williams et al., 2009 Williams et al., , 2005 , the variability observed in calculated intra-mineral fractionation factors (Table 1) is not consistent with isotopic equilibrium over the narrow range of equilibration temperatures inferred for these samples (Table 1) . This variation could reflect late-stage Fe-isotope redistribution between minerals, or potentially melt-rock reaction and diffusion processes. However, no systematic correlations between mineral fractionation factors or other mineral or whole-rock chemical parameters are evident, suggesting that the processes which induced mineral isotopic disequilibria did not modify the Fe isotope compositions of the bulk samples. An alternative scenario could be the incorporation of isotopically light xenocrystic olivine, which is known to be present in the Hawaiian system as a function of fractional crystallization processes (Teng et al., 2008) . This process would increase measured clinopyroxene-olivine fractionation factors and reduce bulk δ 57 Fe, and could potentially account for the light olivine δ 57 Fe values observed in 77SL-405, which also has an elevated bulk MgO content relative to the other SLC peridotites.
Discussion
Peridotite Fe isotope compositions and the role of melt extraction
Strong negative correlations exist between bulk peridotite δ 57 Fe and indicators of melt extraction where the most depleted peridotites (i.e. highest spinel and bulk rock Cr#, lowest clinopyroxene Al-contents; Fig. 3a, b, c) Fig. 3d ), a radiogenic isotopic system that records the timeintegrated fractionation of Hf from Lu during partial melting and which has been shown to be generally resistant to overprint by mantle metasomatism (Bizimis et al., 2004; Lazarov et al., 2012; Stracke et al., 2011) . While Fe stable isotopes do not record temporal information, the observed correlation between Fe isotopes and Hf isotopes does suggest that the samples with the greatest radiogenic isotope signatures of time-integrated melt extraction are also the most isotopically fractionated in terms of Fe. One possibility is that Fe and Hf isotopes record the same partial melting events. However, such a direct link is not supported by the melting models in Section 1.2 coupled with the estimated degree of melt extraction (Hellebrand et al., 2001 ) recorded by the peridotites, which are not sufficient to generate the observed range in peridotite δ 57 Fe. Other explanations for the range in peridotite δ 57 Fe must therefore be considered.
While hydrothermal alteration and seawater contamination are processes that can influence the trace element and radiogenic isotope budgets of oceanic basalts and abyssal peridotites (Burton et al., 2012) , the samples studied here are pristine with little evidence of post-magmatic alteration (Bizimis et al., 2004 Sen et al., 2011) . Moreover, composite oceanic crust (Rouxel et al., 2003) and sheeted dyke samples (Williams et al., 2009) Metasomatic refertilisation, and melt-peridotite reaction are processes that can explain the Hf-decoupling from Sr and Nd isotopes and the elevated light rare earth element (LREE) abundances of the Oahu peridotites (Bizimis et al., 2004) . However these mechanisms, without any additional stable isotope fractionation process, cannot explain the range in peridotite δ 57 Fe as relationships between δ 57 Fe and Nd and Sr isotopes or Na and LREE contents are absent.
Furthermore, mass balance calculations show that unfeasibly large ratios of melt to peridotite (91:9, for a melt with a δ 57 Fe value of ∼0.15h and the peridotite 77SL-405 with the lowest bulk rock δ 57 Fe) are required, which are inconsistent with the high Mg#'s and Cr#'s of the peridotites (Table 1) .
One means of reconciling the relatively large variation in peridotite δ 57 Fe and the correlations between peridotite δ 57 Fe and indicators of partial melt extraction could be derivation from a δ 57 Fe-heterogeneous mantle. In this scenario, the correlations between peridotite δ 57 Fe, εHf and proxies for melt extraction indicate that the processes responsible for Fe-isotope heterogeneity must be magmatic in nature. Distinct mantle source regions have previously been invoked to explain the elemental (Dasgupta et al., 2010; Hirschmann and Stolper, 1996; Prytulak and Elliott, 2007) and radiogenic isotope signatures (Chauvel et al., 1992; Hofmann, 1997; Salters et al., 2011; Stracke et al., 2005 Stracke et al., , 1999 White and Hofmann, 1982; Workman et al., 2004) the evolution of cumulate residues in equilibrium with fractional melts generated from an initial melt with δ 57 Fe = 0.15h and TiO 2 = 1.96 wt%. Tick marks show % melt removed. The model uses a bulk garnet pyroxenite Ti partition coefficient of 0.31 (Johnson, 1998) and was fitted to the data by adjusting the δ 57 Fe of the initial melt and α melt-residue . The optimal value of α melt-residue was 1.00007 (0.07h). The calculated TiO 2 content of the initial melt is 1.96 wt%, assuming equilibrium with the most primitive pyroxenite Sen et al., 2011) , and is similar to TiO 2 contents displayed by Hawaiian OIB, which may reflect the small amounts of altered oceanic crust in their source regions (Prytulak and Elliott, 2007) . The δ 57 Fe value of this primitive melt is estimated to be 0.15h, within error of mean OIB, MORB and oceanic crust. The large degree of fractional crystallization required to generate the full range of pyroxenite TiO 2 contents could also be indicative of source TiO 2 heterogeneity, but this does not affect the overall conclusions drawn here. 2) taken as the most depleted endmember, the δ 57 Fe value of this source is required to be ∼ −0.15h (from the models in Section 1.2, allowing for a sourceresidue fractionation of 0.04h at 30% melt extraction), extremely similar to that inferred for the Gorgona komatiites (Hibbert et al., 2012) .
Because the models in Section 1. (Rouxel et al., 2003) , or, in the case of ferromanganese sediments, extremely light δ 57 Fe values (<−0.6h) ).
An additional means of generating mantle source components with heavy δ 57 Fe values is therefore required.
Iron isotopes in the Oahu pyroxenite xenoliths and the formation of enriched mantle lithologies
The pyroxenites display δ 57 Fe values up to 0.27 ± 0.05h and may represent an analogue for the heavy δ 57 Fe mantle source components discussed above. Positive correlations exist between pyroxenite δ 57 Fe and TiO 2 at the bulk rock and mineral level (Fig. 3) , which likely reflect isotopic fractionation and the concentration of heavy δ 57 Fe in evolved melts (Schuessler et al., 2009; Teng et al., 2008) and hence in the cumulates derived from these melts. A model for fractional crystallization and the evolution of cumulate residues is shown in Fig. 3 ; the δ 57 Fe value of the initial melt is estimated to be 0.15h, within error of mean OIB, MORB and altered oceanic crust. The calculated TiO 2 content of the initial melt is 1.96 wt%, assuming equilibrium with the most primitive pyroxenite Sen et al., 2011) , similar to the TiO 2 contents displayed by alkali rejuvenated stage Hawaiian lavas (Clague and Frey, 1982; Garcia et al., 2010) , the presumed parental melt of these pyroxenites (Bizimis et al., 2013 (Chauvel et al., 1992) , respectively, have particularly heavy mean δ 57 Fe values (0.21 ± 0.05h 2 S.D., n = 10, MgO 6.3-10.1 wt% and 0.19 ± 0.02h 2 S.D., n = 2, respectively, MgO 5.5-7.3 wt%) relative to other OIB. Student's t-tests demonstrate that this difference in mean δ 57 Fe between Society and Hawaiian OIB (0.15 ± 0.09h 2 S.D., n = 34, MgO 5.8-13.6 wt%) is resolvable at the 95% confidence level, even when samples from Ko'olau, which define a subtlety lighter mean δ 57 Fe (0.14 ± 0.07h 2 S.D., n = 13, MgO 6.3-10.1 wt%) than other
Hawaiian OIB (Teng et al., 2013) are omitted from the Hawaiian dataset (Hawaii without Ko'olau: 0.17 ± 0.09h 2 S.D., n = 18, respectively, MgO 5.8-13.6 wt%). While the radiogenic Pb and Sr isotope compositions of EM2 and HIMU have been linked with recycled components such as subduction modified, low-Pb oceanic crust (HIMU) and terrigenous sediments (EM2) (Hofmann, 1997) , these components do not have Fe isotope compositions significantly different to that of mean MORB (Rouxel et al., 2003) 
Conclusions
Iron stable isotopes are a powerful new tracer for detecting mineralogically distinct components in the source regions of oceanic basalts. Depleted peridotite and pyroxenite lithologies display contrasting Fe isotope signatures that correlate with elemental and radiogenic isotope tracers of magmatic processes. The light Fe isotope compositions of the peridotites are considered to arise through melt extraction, whereas the heavy δ 57 Fe values of the most depleted peridotites provide strong new evidence for the presence of highly depleted domains in the mantle. Because the latter material is so refractory, it is not widely sampled in most basalts (Salters et al., 2011) , with the exception of those generated by exceptionally large degrees of partial melting, such as komatiites (Hibbert et al., 2012) and boninites (Dauphas et al., 2009) , which display light δ 57 Fe values relative to MORB and OIB. Iron isotope studies of large-degree partial melts and depleted peridotites may thus reveal the melt depletion and enrichment history of the convecting upper mantle.
